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Numerical modelling of interaction between
the atmospheric boundary layer
and the Antarctic ice shelf

V. N. LYKOSSOV*

Abstract — Using the data of observations of the ice cover in the Weé &bl near the Antarctic coast

in a period of the polar night, we carried out numerical eikpents with the one-dimensional model of
the atmospheric boundary layer. The processes of backgratdwvective heat and moisture transport,
the catabatic component of motions and vertical turbuleetwstransport under the conditions of

blowing snow are parameterized in the model. It is shown thatresults on the computation of

temperature and specific humidity are in good agreementtivéttorresponding observational data
when we take into account the joint efect of baroclinity aetief. It is also established that the

consideration of the snow turbulent diffusion process detadthe higher quality of reproducing the

wind velocity and friction stress in the atmospheric susfiayer.

The sea ice belt in the South ocean near Antarctica is suttjeinsiderable sea-
sonal variations (from an abrupt extension in winter to trenfation of open water
in some places near the coast in summer). This substansfifigts the albedo of
the Earth surface and the processes of heat and mass exdieingen the atmo-
sphere and the ocean. In a period of the polar night the rad@tcooling of the
atmosphere over Antarctica results in the formation of anfgdiigh atmospheric
pressure area here and a low pressure belt over the oceanprElssure distribu-
tion is responsible for an advective heat and moisture p@msn the upper and
middle layers of the troposphere from the ocean to the centjrwhich is accom-
panied by stable catabatic winds (due to the dome-shapeflokéthe Antarctic ice
cover) in the atmospheric boundary layer. Every so ofteaygel amount of snow
is transported from the continent to the ice-covered ocedich also affects the
processes of interaction between the atmosphere and tha fitH due to the in-
creasing thickness of the snow cover. Moreover, snow pesteuspended in the air
flow change its characteristics, which results in an inaréashe density of a (two-
phase) medium, its temperature fall in the sublimation @secand an increase in
the catabatic wind speed. The first two factors were stud@dgxample, in [20],
the role of snow transport in turbulent momentum exchangé tie underlying
surface was considered in [22].

The parameterization problem of the processes in the boyralger in high
latitudes in models of atmospheric general circulatiorunes further experimen-
tal investigation and their modelling. For example, so ffer parameters of sea ice,
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complex relation between its extension and atmospheriulaition, the processes
of interaction between radiation, cloudiness and turtedein the stably stratified
boundary layer have been poorly understood; moreover,ibipgnow rather fre-

guently complicates these processes. The works on magléiemboundary layer in
the polar regions are still largely of a methodical chamaetéich is mainly due to

scanty experimental data.

However, it should be mentioned that by now sevéraditu experiments have
been carried out with the aim to study the processes over ader uhe Antarctic
ice shelf, including the winter period in the southern hgrhere. For example, we
might mention the studies conducted under the Project ‘\&&ba in winter’ in
1986 [12], under the Soviet-German Project ‘Investigatidrihe Weddell circu-
lation’ in 1989 [3], and under the analogous program in thpdektion ANTARC-
TICA X/4in 1992 [8]. It turned out that because of a large@liffnce in temperature
between the atmosphere and the ocean the interaction lrethara in the above re-
gion is of an extremely dynamical character, which is refldcin particular, in a
sufficiently unusual structure of near-surface turbulda6é.

The present work is devoted to the study of processes ovesuitiace of the
Antarctic ice shelf by a one-dimensional baroclinic bougdayer model based on
its earlier version [9]. The calculations of radiation amdge heat influxes are made
using this model; besides, the model takes into accountrtieepses of interaction
between the atmosphere and the ice-covered ocean as whé affécts of near-
surface snow transport [22]. In the present work particelaphasis has been placed
on the so-called joint effect of baroclinicity and relieEBAR —the term which was
first introduced by Sarkisyan [19]). The point is that the mgament data obtained
in the Expedition ANTARCTICA X/4 was used in the numericapeximents with
the model. Though these measurements were made over tlzertafisurface of
the ice-covered ocean, it is necessary to take into accbantthie motion in the
observation region could have a catabatic component duleet@ntarctic relief.
Therefore the JEBAR could manifest itself in the atmosghkedundary layer over
the ice shelf.

1. MODEL DESCRIPTION

All the calculations in this work are carried out by the 1:6tider closure model.
However, this model includes baroclinic and orographie@ by parameterically
taking into account background (in the free atmosphere)gases.

1.1. Basic equationsof the model

We take the Cartesian coordinatey, andzin which thex-axis is directed eastward,
the y-axis is directed northward, and tleaxis is directed vertically upward. We
write the equations for the atmospheric boundary layer as

ou _du 0 odu .
E+WE_0_ZKE+fV_pX/p 1.1)
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whereu, v, andw are wind velocity components along tke y-, andz-axes, re-
spectively;d is the potential temperature related to the absolute temyrer™ by
(1.8); g is specific humidityig, is the total specific water content that includes lig-
uid and solid (ice) phases;is pressurep, is the dry air densityp is the density of
a air-water vapour-water-ice mixturgy, py), (9x, 9y), (G Gy), (Gux: Guy) are the
components of the horizontal gradients of pressure, patdemperature, specific
humidity, and water content in the free atmospheres & large-scale vertical veloc-
ity; Qr andQs are radiation and phase heat influX@gndE are the phase transition
rate of water vapourliquid drop fraction (condensation), water and-ie@ater
vapour (evaporation/sublimation), respectivddis the precipitation rateK is the
coefficient of the turbulent viscosity; is the value characterizing the ratio of the
turbulent diffusion coefficient to the coefficient of turbat viscosity (which is cal-
culated simultaneously with the calculation of near-stefturbulent flows by the
Monin-Obukhov similarity theory [15])R is the universal gas constam; is the
specific heat capacity of air at a constant presspges 1000 hPa is the standard
value of pressuref = 2Qsin¢ is the Cariolis parametefXis the angular velocity
of the Earth rotationg¢ is the latitude)g is the acceleration of gravity.

The turbulence coefficier is related to the kinetic turbulent enerfyand its
dissipation rate by the Kolmogorov relation [7]

G?
€

K (1.9)
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whereCy is a dimensionless constant. To calculate the valubsatle, in the model
we use the additional prognostic equations

2 2 'SV
(2o« e

b /0 _os ba o ou\? /av\? a9,

Hered, = (1+ 0.61g — qw)? is the virtual potential temperatur@;= g/9 is a
buoyancy paramete(q is the reference value 6f); a, = 0.73. The dimensionless
parameteC; is chosen as in [1]

2-C
Ci=|14+069=—| /C, Re=
1 [ ﬁRe] /C

wherev is the molecular air viscosity and is the universal constant (taken to be
1.9 in the model).
The following relation holds for the atmosphere to a suffiti@ccuracy:

ob _ob 0 odb

(Zb/:)z (1.12)

0 = C£(C—E) (1.13)
p

where L is the latent heat evaporation. This allows us [13] to rewetuations
(1.3)—(1.5) in terms of the ‘conservative variablés= 9 — (L /cp)qw (modification
of the equivalent potential temperature) ape= g+ gy (total moisture content)

09 5 5 .00 0, 09
a—tl+u’9Ix+V79|y+W—|= K—

%2 Gta—z E—i—Qr (1.14)

0 ~ . .0
a—?+uth+vqty+w—2=at—K——P (1.15)

where the value8, anddj are related t&, g, anddy, in an obvious way. The identity
holds:

9+ (L/cp)a=D1 + (L/Cp)-

We emphasize that though we use a one-dimensional appribicamtne model
does take into account the processes of advective heat aislumsotransport
through the use of the parameters (the values tilded) whidhacterize the back-
ground (in the free atmosphere) motion.
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1.2. Cloudinessand radiation

The regions, where specific humidity is larger than its sdioin value, can form in
the atmospheric boundary layer at certain values of tertymerand pressure. Due
to the condensation of water vapour there occurs cloudingssh substantially
changes radiation properties. In this work we restrict cams@deration to strati-
formis clouds only, and for their calculation we use the dtbm proposed in [9].

In order to separate the valgg into specific water content and ice content we
use the empirical dependences [18] based on processinggherfleasurements
data in clouds [13]

Ow =0 +Gi (1.16)
a="fTaw a="f(Taw fi+fi=1 (1.17)
fi(T) = 0.0059+ 0.9941¢ %(T-2732° (1.18)

whereag = 0.003102(°C)~2.

The evolution of the atmospheric boundary layer over thee@meered ocean is
also appreciably specified by radiation processes reprbém equation (1.3) by
the termQ,. Without going into details we point out that the model pregubin [6]
was used to calculate long-wave and short-wave radiatisagluAlong with the de-
scription of the effects of water vapour, ozone, and carkioride (no other gases
or aerosol were considered) we take into account the albEdowds and the un-
derlying surface as well as the cloud amount when calcygatidiation fluxes. The
computational domain for radiation is extended to includgeheight corresponding
to the p-surface with the value of the pressure 10 hPa. The profilésnoperature
and specific humidity in the atmospheric boundary layeraker from the solution
of the problem and then extended to include the free atmosmteording to their
climatic gradients. The vertical distributions of carbdoxide and ozone concen-
trations are also given as climatic gradients over the wboheputational domain.

1.3. Boundary conditions

The constant flux layer is isolated in the model, and its heighs taken to be the
lower boundary of the computational domain. Using the Me@lsukhov similarity
theory [15], we calculate the momentum fluy the heat flup, and the moisture
flux Eg in this layer by the aerodynamical method

ov

To=- (pKa—> = —Pn,ColViy Vi, (1.19)
z Z:hl

09
Ho = —cyat <pKE> — o CHlVi (B —%0)  (1.20)
Z=h1
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9
Eo=—ay (pKa—q> = —Pn,Cx [V, [(Gn, — Go) (1.21)
z Z:hl

where the subscrigt; denotes the values of quantities at the upper boundary of the
constant flux layee = hy, and the subscript 0 denotes those at a level of the under-
lying surface (to be exact fa= 7y, wherez, is the surface roughness parameter).
In formulae (1.19)—(1.21) we designak:= (u,v). The drag coefficientp and the
coefficient of heat and moisture exchange (the Stanton nu@peare calculated

by the relations

Cp = 2 [In (%) Y (z/L)] - (1.22)

Ch = 02 [In (%) - L[JM(Z/L)] - [In <%> - L[JH(Z/L)] - (1.23)

where s is the Karman constanty is a roughness parameter for heat (and mois-
ture), andL is the Monin-Obukhov scale given by the relation

ug

L=-— .
»By

(1.24)

Hereu, = (|to|/p)Y/? is the friction velocity,By = B[Ho + 9.0(0.61Ey — Wp)] is
a near-surface buoyancy fluv\{ is the turbulent flux of the total specific water
content). The universal functiong, andyy depend on stratification.

The exchange processes in the atmospheric near-surfagedag in the ice
cover of the ocean result from the complex interaction betwbese media, and the
integral expression for this interaction is a heat balareagon at their interface.
The heat balance equation has the form

Ho+ LEg—Gp =Ry (1.25)

whereRy is the radiation balance of the underlying surface &ads a heat flux
through ice from the ocean to the atmosphere. The air terftyserat roughness level
is assumed to coincide with the ice surface temperafyre Tsi|,—o0, the specific
humidity has the saturation valag = gmax(To). To calculate a temperature profile
in the ice covefTsi(z) (thez-axis is directed upward) we use the heat equation

0Ty 0, 0T
CIpIE_O_Z 157 (1.26)

wherep;, ¢;, andA; are the density, the specific heat, and the heat conductivity
efficient of sea ice, respectively. In this ca&Sg= —(A;0T;/0)|,~0. Both the specific
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heat and the heat conductivity coefficient depend on the ¢emtyreT; and the local
salinity of ice,S. To calculate them we use the empirical relations [14, 21]

S
G =(piC)o |14+ —2F 1.27
pici = (PiGi)o +(Ti—2732)2] (1.27)
Ai = Ao [1+ T-2733 _61228'732] (1.28)

where(pici)o = 1.88x 1° Wsm3deg?, A\ig = 2.03Wnrtdeg?, a; = 9.1(°C)?,
a, =57.6° C. The temperature at the lower boundary of ice is consideredincide
with the temperature of the ocean surface, which is obtdired the observations.
Let us now discuss the formulation of the lower boundary @@ for the
turbulent flux of the total specific water cont&Mi. We assume that a liquid water
flux over ice is absent. However, in the case of drifting snio@ré occurs a specific
ice content flux proportional to the turbulent flux of the centration of airborne
show particles.
The equation for the mass concentration of snow parti@esan be written [4]
as

0S
K = —ws(S- %) (1.29)

where S = psGi/pi; ps and p; are snow and ice densities, respectively;is the
falling velocity of particles;S,, is the value ofSdetermined by precipitations from
the first model level.

With the unlimited supply of snow patrticles, the so-callediting saturation
regime on the underlying surface can be realized [4]. Unklisrregime the flow
absorbs the maximum permissible (at its given parametensuat of suspension
so that it is not necessary to take the concentration of thecles on the surface as
the boundary condition. The necessary condition for thigme to exist is

<1l (2.30)

27U,

When this condition is satisfied, the velocity distributioipeys the logarithmic
law as is the case in a flow without suspension, but the valwdanstead of the
constant appears in it.

In the more general case the boundary condition for the cdrateon of parti-
cles on the surface is assumed to be specified by the saltatiorss [2, 16] which
occurs when the dynamic velocity, is larger than a threshold valug; below
which the cohesion forces between particles prevent tiseae from the surface.

By the hypothesis proposed in [16] a saltation layer formghabshear friction
stress on the surface is held close to the threshold valsegtioviding the possibility
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for particles to escape and be in motion. In [16] the expoesfir the horizontal
particle fluxQs is derived using this hypothesis

hs
Q= / Sulz = (1 - 12 /u?) /g (1.31)
7
4
H(w) = 0.25 <1—|— 5%(») (1.32)

wherehg is the saltation layer thickness. Assuming that in this dape profile
u(z) obeys the logarithmic law and the concentration is independf the height
S(z) = &, we can obtain the expression f& which can be used as the boundary
condition for equation (1.29):

u? l—UEt/Uf
#0971+ &(In§ — 1)

where§ = hs/7. In [16] it was proposed that under the saltation conditites
roughness parameter must depend on the value of the fristlogity as is the case
over the ocean in the case of developed undulation. Procedsé experimental
data [5] confirmed this hypothesis. It is also logical to assuhat the analogous
dependence holds for the saltation layer thickness. Onbiéis we take in the
model:

S=u

(1.33)

W
0=y (1.34)
g
wherey (as well as the above paramefgris a dimensionless constant. Following
[5] we take the value of to be equal to 0.00132 and use the relador the value
E=2yh
We now formulate the lower boundary conditions for the kinatrbulent en-
ergyb and its dissipation rate By the Monin-Obukhov similarity theory [15], for
z=h; we assume that

_ W ( _ 2, | Gelha/L)
e—%hlq)g(l_), b=u; Ceom(n/L)" (1.35)

For the normalized dissipation rape we use the expression from [17]:

9e() = dm() - ¢

To conclude this subsection we write the upper boundary itond. It is as-
sumed that the time variation of all the mean valueszfer h, is known and the
turbulent fluxes of kinetic turbulent energy and its disBgrarate are absent so that

u= th(t), V:th(t)v 2 :ahz(t)a q:qhz(t)v qW:qhz(t)
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0z 0 0z
where the values with subscript are obtained by the linear interpolation of the
corresponding observational data.

0 (1.36)

2. RESULTSOF THE NUMERICAL EXPERIMENTS

The observed data used in this work embraces an 18-hourdpigdm 4 a.m. to
10 p.m. (Greenwich Mean Time) on June 21, 1992 when the Geresaarch ice-
breaker ‘Polarstern’ was almost in the stationary posi(®04° W.L., 70.54° S.L.)
in the ices of the Weddell Sea near the Antarctic coast. Invtige analysed period
a wind was blowing from the northeast sector. After 9 a.mntieéeorological con-
ditions near the underlying surface were characterizechabaupt deterioration of
visibility caused by drifting snow. The ice cover thicknegas 0.8 m in the period
studied.

As the initial conditions for the experiments discussedhis section, we use
the vertical distributions of the variables, which resutinfi the profile interpolation
on the model grid. The profiles were observed at 4 a.m. GMT ae 24, 1992:

U(Z, O) = Uobs(za 0)7 V(Zv O) = Vobs(za O)

9(2,0) =90bs(2,0), 0(z0) = dops(20). (2.1)

The observations of the specific water content and the temnoel measurements
above the constant flow layer were not made. Therefore itakemtthat at the initial
instantqy(z 0) = 0. To calculate the profiles of turbulent kinetic energy anel t
dissipation rate we used equations (1.10) and (1.11) int&tiesary approximation.
In the intervals between the measurements the values wiitbcept ‘obs’ were
obtained by the linear interpolation between two adjaceseovation intervals. To
calculate the pressure gradient components in equatiohsgid (1.2) we used the
geostrophic relations

Pu/P=fvg, By/P=—TFu (2.2)

where the observed profiles of the wind velocity componentke free atmosphere
(above 2 km) are used ag andvy.

Recall that though the observations of the parameters aftthespheric bound-
ary layer were made over the horizontal surface of the isetem ocean, the
Antarctic relief could affect the current in the studiedioggthrough its catabatic
component. In the first rather rough approximation thisatféan be taken into ac-
count by the expression for a ‘large-scale’ vertical vdiaci

wherezs(x,y) is a function describing the relief.
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We carried out the numerical experiments of two types. Tipeements of the
first type were to demonstrate the effect of baroclinicity aalief in interaction
between the atmosphere and the Antarctic ice shelf. In @rpat 1 (the barotropic
case) we assumed that

Ug(t) = Uobs(h2,t),  Vg(t) = Vons(ho,t)

ZSX:Zsy:SIx :Sly :th:qwzo- (2-3)

In experiment 2 (the baroclinic case) we used linear extadions for the geostrophic
wind components

OUobs

=My
ov,
Vg = Vobs(ho,t) + 77| (z—ha). (2.4)
=112

To calculate the background temperature gradients we higetthérmal wind rela-
tions

a f19obs % 9(1+R/Cp)
="y [az+ RTops
Yy = g [az Riope ug| . (2.5)

Besides, the effect of the relief was not taken into acconrxiperiment 2 either
and it was assumed thaty = gwy = 0 and

r aqmax(fa f)) ~Tr aqmax i

. 0 ~
Ox = = [rqmax(Ta p)] ~ X ~ a-l'i X

0Xx

aqmax a f
M <9X+C—pvg> (2.6)

wherer = q/gmax is relative humidity. Similarly,

~ 00max (" f >
Gy~r——[Sy——Ug ). (2.7)
Y T y Cp g

Experiment 3 was analogous to experiment 2, but the joimtcefdf baroclinicity
and relief was taken into account. In this case wezgut= 0.001,z5y = 0.
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Figure 1. Comparison between the calculated (dotted curves with ewsntorresponding to the ex-
periment number) at the final instant of integration and phesk (solid line marked ‘Obs’) vertical
profiles of the atmospheric boundary layer characterisfaszonal velocity component, (b) merid-
ional velocity component, (c) potential temperature, @dfic humidity.

In the experiments of the second type we studied the effettteohear-surface
snow transport. All the calculations in these experimergsevearried out in a baro-
clinic approximation (experiment 3 was regarded as a raéer@ne). To calculate
the snow concentration in the saltation layer in experiMdemé used relation (1.33).
In experiment 5 the underlying surface was regarded as antifiarticle source.
In both experiments the particle size was taken to be 0.06tmenfalling velocity
wasws = 0.15m/s.

Figure 1 shows the results of a comparison between the aibésolid line
marked ‘Obs’) and calculated (dotted lines with numbersesponding to the ex-
periment number) profiles of the zonal velocity componeid.(Ea), the meridional
velocity component (Fig. 1b), potential temperature (E@, and specific humidity
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Figure2. Time variation of: (a) calculated temperature of the undeg surface, (b) sensible heat flux
observed at a height of 15m (solid line), and the flux caleddty the experimental data. Numbers
on the curves correspond to the experiment number.

(Fig. 1d) at the final instant of model integration (18 houfsy seen from Figs. 1c
and 1d, there occurs a consistent improvement of the terperand the specific
humidity reproduction quality as compared to that in theobapic case (curves
1). The best agreement is obtained in the experiment whiarstmto account the
JEBAR (curves 3): the differences are not larger tha8i G in absolute value for
temperature and 0.2 g kg for specific humidity. Ignoring the orographic contribu-
tion (curves 2) has most dramatic effects on the lower 600ick thyer.

Figure 2a shows the time variations of temperature of theetyidg surface,
which were calculated in various experiments. In the bapitr case (curve 1) in
the whole period studied the (radiation) cooling of the iogace from—14° C to
—20° C occurs, while the atmospheric lower layer becomes inarghysstable and
the near-surface sensible heat flux (Fig. 2b, curve 1) systeatly decreases (in ab-
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solute value) not compensating for the radiation coolinge @lirect measurements
by an acoustic thermometer-anemometer (Fig. 2b, solideguinr general, demon-
strate the opposite pattern. Taking account of the backgrflow baroclinicity and
the associated horizontal heat and moisture advectionsevedhe time variation
of temperature on the ice surface (Fig. 2a, curve 2): on thelevit increases and
reaches—10.5° C by the end of integration. The inclusion of the orograpHic e
fect results in a further increase in temperature on the nlyidg surface by 3C
(Fig. 2a, curve 3). The time variation of the sensible heat iituboth ‘baroclinic’
experiments (Fig. 2b, curves 2 and 3) is in good agreemeiht itgitobserved be-
haviour. We also note that in the 18-hour period studied emgerature measure-
ment at the ‘atmosphere-snow/ice’ interface (at the instarresponding to 5 hours
of the model time) was made: it turned out to be close-i® C and essentially
coincided with the value obtained in experiment 3.

We now consider the vertical profiles of the horizontal vaslocomponents. As
seen from Fig. 1b, the model distribution of the meridiorelbeity component does
not depend strongly on the experimental conditions: itsimar values (in abso-
lute value) are obtained in the layer from 200 m to 400 m. Tlferdince between
them is not larger than 2m/s but on the average they are marettie observed
values by a factor of 1.5. Figure 1a shows that the obsen@fiepof the zonal ve-
locity in the lower 400 m layer has the configuration of theriaf a jet flow, which
is characteristic of catabatic wind. In the numerical eitpents this configuration
is most pronounced, the difference in the extrema betweendbults of experi-
ments 1 and 2 being 4 m/s. The best agreement iwitlitu data is obtained in the
experiment with allowance for the JEBAR (curve 3). Near thdarlying surface
the numerical results in experiment 3 and the aerologicasmement data differ
dramatically (the differences reach 5m/s and are companatth those obtained
for the meridional velocity).

Figure 3a presents the time variation of the modulus of thedwielocity at a
height of 15 m, which is measured by an acoustic thermonagternometer (solid
curve), as compared to that calculated in experiments 3idd5ddotted curves with
the corresponding numbers). In the variability of the obsdrwind speed we can
distinguish two regimes: wind intensification from 8 m/s ®r/s during the first
7 hours and then its slight decreasing to 12 m/s, its subségatie being 14 m/s.
Experiment 3, in general, reproduces this pattern. Howeker maximum value
of the speed is about 5m/s less than the observed one. By thefahe model
integration time the difference decreases to 1-2 m/s, whishbstantially less than
the differences with the aerological data whose qualitynewkn to be the lowest
near the Earth surface.

In addition, Fig.3 shows the numerical results in experitmehand 5 which
take into account the effects of snow transport caused hwildpsnow. This factor
manifests itself in the atmospheric surface layer only. @ensfrom Fig. 3a, the best
agreement with the observed data is obtained in experimenwbich the snow sur-
face is regarded as an infinite particle source [4]. The tated maximum value of
the velocity modulus at the stage of wind intensificatiorieds from the observed
data only by 2m/s. At the final stage of the model integratiast(6 hours) the



328 V. N. Lykossov

Windspeed (m/s)

6 I I I I I
0 3 6 9 12 15 18

Time (hours)

Friction velocity (m/s)

0.1 . 1 . 1 . 1 . 1 . 1 .
0 3 6 9 12 15 18

Time (hours)

Figure 3. Comparison between the calculated (dotted lines with nusntx@responding to the exper-
iment number) and observed (solid line marked ‘Obs’) timeatens at a height of 15m: (a) wind
speed, (b) friction velocity.

model calculations and (smoothed) measurement resubstesdly coincide with
one another. The results for the case in which the partialeceoon the surface
‘turned on’ only if the friction velocity was higher than aéshold value are located
(curve 4) between the results of experiments 3 and 5. Fighrsh®ws the time
variation of the friction velocityu, calculated by the direct measurement data at a
height of 15 m (solid line) as compared to that calculatedxjpeements 3, 4, and
5 (dotted lines with the corresponding numbers). Curvesgain this figure little
differ from each other but differ essentially from thoseadbed in experiment 3,
thus demonstrating the known effect of decreasing fridticsuspension fluxes (see,
e.g. [4, 22]), which is accompanied by the surface wind isifezation (Fig. 3a).
Unlike the wind speed, the underlying surface temperatsingot affected by the
presence of air-suspended snow particles (Fig. 2a, curaes 3).
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3. CONCLUSION

As an example we took the situation, which existed on June.292 (in a period
of the polar night) near the coast of Antarctica and was dteraed by a strong
advective heat and moisture transport from the ocean toghenent, and studied
the part played by the joint effect of baroclinicity and eél{JEBAR) and the pro-
cesses of snow transport in interaction between the atreosgboundary layer and
the ice shelf. The problem of this kind is of great interesttf@ purpose of param-
eterization of the atmospheric boundary layer in the pagrans in global climate
models. This is because under the conditions of frequettheived highly stable
density stratification the turbulent transport processe®ime substantially weaker.
The numerical experiments performed showed that undainernditions the hor-
izontal large-scale temperature and specific humidity igrad and the associated
baroclinic flow in the free atmosphere (forcing for the boamydliayer) are respon-
sible for this advective heat and moisture transport whih compensate for the
radiation cooling processes and maintain the effectiieulant exchange between
the atmosphere and the ice-covered ocean. It is also estatlthat the inclusion
of the catabatic component of the vertical velocity, whishdue to the relief of
Antarctica, substantially improves the reproduction & @haracteristics of the at-
mospheric boundary layer by the one-dimensional model é¥lee@ underlying sur-
face is horizontal. This is a peculiar manifestation of tBBAR first described by
Sarkisyan (see, e.g. [19]) for the ocean dynamics probléhesexperiments, which
take into account blowing snow when suspended snow partéoie present in the
atmosphere, showed that under conditions studied the dhota affects only the
atmospheric surface layer and substantially improveseapeoduction of the wind
speed and the friction stress. At the same time the undgrigimface temperature
and the sensible heat flux turn out to be not very sensitivedse changes.
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